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Abstract

The end-Triassic mass extinction, one of the five largest extinctions in Earth history, was a severe catastrophe in which 80%

of all species were wiped out. The cause of the extinction is controversial, but any mechanism must account for mass extinction

in both marine and terrestrial environments. One smoking gun–the eruption of the Central Atlantic Magmatic Province

(CAMP)–has prompted the hypothesis that CO2 degassing to the atmosphere may have induced an environmental catastrophe at

the end-Triassic. In this study, we use a numerical coupled ocean–atmosphere climate model of the Late Triassic to determine

environmental stresses associated with a rapid increase in atmospheric CO2. A series of sensitivity experiments, with CO2 levels

that bracket estimated end-Triassic pCO2 estimates (2–8� pre-industrial levels), predict extreme environmental conditions. On

land, increasing CO2 from 2� to 8� pre-industrial levels causes an increase in the number and severity of hot days and days

without precipitation, an exponential increase in continental area experiencing hot days, and enhanced seasonal fluctuation. In

the ocean, wind-driven circulation decreases and meridional overturning diminishes by a factor of ~4, leading to enhanced

ocean stratification. A three-box model of the deep ocean predicts a decline of ~85 Amol/L in deep ocean oxygen concentration

with a 4-fold increase in atmospheric CO2. Consequently, while terrestrial organisms would have been subject to severe heat

and water stress, marine fauna would have experienced oxygen deprivation. Additional sensitivity experiments indicate that

variations in Milankovitch orbital parameters may further contribute to faunal stress by intensifying continental heating and

seasonal fluctuations. In sum, model results predict that rising atmospheric CO2 would have significantly impacted both marine

and continental environments, providing a link between turnover on land and ocean during the Late Triassic.

D 2004 Elsevier B.V. All rights reserved.

Keywords: Paleoclimate; General circulation models; Triassic; Carbon dioxide; Mass extinction
0031-0182/$ - see front matter D 2004 Elsevier B.V. All rights reserved.

doi:10.1016/j.palaeo.2004.12.004

* Corresponding author. Tel.: +1 734 764 3362; fax: +1 734

763 4690.

E-mail address: poulsen@umich.edu (C.J. Poulsen).
1. Introduction

At the close of the Triassic, about 80% of all

species went extinct (Sepkoski, 1996), and massive

biotic turnover occurred in both the marine and

terrestrial realms. Benton (1995) estimated that mean
laeoecology 217 (2005) 223–242
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familial extinction rates were as high as 15.2–23.9%

for all organisms, 10.6–23.4% for continental organ-

isms, and 12.7–16.9% for marine organism. On land,

almost half of all tetrapod species went extinct

(Colbert, 1986), and more than 95% of megafloral

species in Europe and North America disappeared

(Visscher and Brugman, 1981; Fowell, 1994) while

microfloral species exhibited significant turnover

(Visscher and Brugman, 1981). The end-Triassic

marine extinction, recognized as one of the bBig
FiveQ events (Raup and Sepkoski, 1982), was also

marked by the total collapse of the reef ecosystem

(Hallam and Goodfellow, 1990) and extinctions

among groups of cephalopods, bivalves, gastropods,

and brachiopods (Hallam and Wignall, 1997). Micro-

organisms, including ostracods, foraminifera, cocco-

lithophorids, radiolarians, and dinoflagellates, also

underwent mass extinctions (El-Shaarawy, 1981;

Bown and Lord, 1990).

Although evidence exists for catastrophic changes

across the Triassic–Jurassic boundary, the bkill mech-

anismQ for this extinction is still contested because

environmental conditions associated with the T–J

event are poorly known due the relative paucity of

boundary sections worldwide (Hallam and Wignall,

1997). Various causes have been suggested for the

mass extinction, including volcanism (Stothers, 1993;

Courtillot, 1994; Marzoli et al., 1999; McElwain et

al., 1999; Hesselbo et al., 2002), bolide impact (Olsen

et al., 1987; Bice et al., 1992), sea level changes and

anoxia (Hallam, 1981), and collapse in marine

productivity (McRoberts and Newton, 1995). How-

ever, a feasible mechanism must explain the massive

turnover rates observed both on land and at sea.

Linking the biotic turnover in the marine and

terrestrial realms requires a btriggerQ that can have

global impact. Coincident timing of the end-Triassic

event with the emplacement of the CAMP flood

basalts (Hames et al., 2000; Pálfy et al., 2000;

Hesselbo et al., 2002; Cohen and Coe, 2002)

prompted the hypothesis that CO2-induced global

warming, due to increased volcanism, caused the end-

Triassic mass extinction (e.g., Stothers, 1993; Cour-

tillot, 1994; Marzoli et al., 1999; McElwain et al.,

1999). The CAMP eruptions reached peak intensity at

199.0F2.4 Ma (Marzoli et al., 1999; Hames et al.,

2000). Age estimates of the mass extinction at the T–J

boundary place the event close to 200 Ma (Pálfy et al.,
2000), with the terrestrial turnover preceding the

marine extinction by ~600 ky (Pálfy et al., 2002). In

addition to the consistent timing of the biotic crisis

and CAMP eruptions at the T–J boundary, the

postulated CO2 increase likely had global ramifica-

tions and can potentially connect biotic events on the

continents to those in the oceans.

Fossil stomatal characteristics (McElwain et al.,

1999), geochemical proxies (Yapp and Poths, 1996;

Suchecki et al., 1988; Ekart et al., 1999; Tanner et al.,

2001; Beerling and Berner, 2002), and geochemical

modeling (Berner and Kothavala, 2001; Beerling and

Berner, 2002) provide a means of estimating the

magnitude of CO2 increase across the T–J boundary.

Although the lowest pCO2 level suggested for the

Late Triassic is approximately 600 ppmv (McElwain

et al., 1999), the majority of estimates are around

1500 ppmv and compilations of all available pCO2

estimates suggest that on average pCO2 increased by

2- to 3-fold across the T–J boundary (Royer et al.,

2001; Beerling and Berner, 2002). The range of

estimated CO2 rise are from a moderate increase of

~250 ppmv (Tanner et al., 2001) to a 4-fold increase

(McElwain et al., 1999) from Late Triassic levels.

However, the relative stability suggested by Tanner et

al. (2001) has been contested on the basis that the

temporal resolution of the paleosol samples may have

been inadequate to detect a rapid, transient rise in

atmospheric CO2 (Beerling and Berner, 2002; Retal-

lack, 2002), and that the carbon isotopic composition

of terrestrial organic matter within the paleosol was

not considered. After re-calibrating the paleo-barom-

eter to account for the natural isotopic variations in

terrestrial organic matter, Beerling and Berner (2002)

estimated a CO2 rise of 1032 ppmv. Based on

biogeochemical modeling of the T–J carbon cycle

perturbation, Beerling and Berner (2002) suggested

that CO2 degassing alone could not fully account for

the substantial negative carbon isotopic excursion (up

to �3.5x) recorded in marine carbonate, organic

matter, and terrestrial wood (McElwain et al., 1999;

Ward et al., 2001; Pálfy et al., 2001; Hesselbo et al.,

2002). Instead, they suggest that degassing of

volcanogenic CO2 triggered the release of massive

amounts of CH4 into the ocean–atmosphere system by

destabilizing methane hydrate reservoirs. The rapid

oxidation of CH4 to CO2 would have the net effect of

raising atmospheric pCO2 to values in excess of 2500
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ppmv by Early Jurassic times (Beerling and Berner,

2002).

Given the likely rise in atmospheric pCO2 at the T–

J boundary, the aim of this paper is to test the

hypothesis that rising atmospheric CO2 triggered the

end-Triassic mass extinction. To this end, a series of

Late Triassic CO2 sensitivity experiments have been

conducted using a fully coupled ocean–atmosphere

general circulation model. Using these experiments,

we evaluate possible linkages between atmospheric

pCO2 increase and biotic turnover by (1) assessing

which components of the Late Triassic climate system

are sensitive to atmospheric CO2 rise, (2) identifying

potential biotic stresses resulting from an increase in

CO2 levels, and (3) evaluating the magnitude of pCO2

change required to drive biotic turnover.
2. Model description and experiments

The Late Triassic climate experiments were com-

pleted using the Fast Ocean Atmosphere Model

(FOAM) version 1.5, a fully coupled mixed-resolution

ocean and atmosphere GCM. The atmospheric model

is a parallelized version of the Community Climate

Model 2 (CCM2) with the radiative and hydrological

physics upgraded to the equivalent of CCM3 version

3.2 (Kiehl et al., 1996). The atmospheric component

of FOAM was run at spectral resolution R15

(4.58�7.58) with 18 vertical levels. The ocean

component of FOAM (OM3) is a z-coordinate ocean

general circulation model developed following the

GFDL MOM model with a 128�128 point Mercator

grid (1.48�2.88) and 16 vertical levels. The land

surface model in FOAM divides the land surface into

five main vegetation types, according to Matthews’

classification scheme (Matthews, 1983). A four-layer

diffusion model calculates temperatures using the

thermal properties and thickness of the vegetation

type. Furthermore, the land surface model uses a

simple bucket model with a 15 cm deep bucket and

evaporation is a function of the water depth of the

bucket. The various components of the model are

linked through a coupler, which was designed to

accommodate the differing ocean and atmosphere

model resolutions. A more detailed description of

FOAM components is available in Jacob et al. (2001)

and Jacob (1997).
FOAM has been widely used to study climate

change through geologic time (e.g., Liu et al., 2000;

Poulsen, 2001; Wu and Liu, 2002; Harrison et al.,

2003; Poulsen et al., 2003; Pierrehumbert, 2004).

FOAM’s simulation of modern climate shows reason-

able agreement with present-day observations. In

addition to the mean climate state, FOAM success-

fully simulates many aspects of modern interannual

and interdecadal variability (Jacob, 1997; Liu et al.,

2000). FOAM’s most important shortcoming is an

underestimation of North Atlantic Deep Water pro-

duction, a problem common to coupled ocean–

atmosphere models. Considering the tremendous

differences between modern and Late Triassic con-

tinental positions (i.e., the Atlantic Ocean did not exist

in the Triassic), we do not consider this to be a

significant limitation on our ability to model Late

Triassic climate. In a recent comparison of the

simulation of global upper ocean circulation between

FOAM and the NCAR Community Climate System

Model (CCSM), Liu et al. (2003) showed that in many

regions the two models respond consistently to

Holocene orbital forcing. In fact, FOAM’s sensitivity

to a doubling of atmospheric pCO2 is similar to that of

the CCSM (Dr. Robert Jacob, personal communica-

tion, 2004), approximately 2 8C or 0.5 C/W/m2 and

roughly a factor of 2 lower than NOAAVs GFDL

model and UKMO’s Hadley Center model (CCSM

Science Plan, 2003).

To test the effect of atmospheric pCO2 forcing on

the Triassic climate system, a series of CO2 sensitivity

experiments were conducted with two, four, six, and

eight times (hereafter referred to as 2–8�) the pre-

industrial level of 300 ppmv (after Berner and

Kothavala, 2001). All other boundary and initial

conditions remain constant between experiments.

The 2–8� scenarios encompass the 4-fold increase

in atmospheric CO2 across the T–J boundary sug-

gested by McElwain et al. (1999). Most other

estimates of Late Triassic pCO2 indicate that mini-

mum levels were approximately four times pre-

industrial levels. On the other hand, biogeochemical

modeling and paleosol analyses suggest maximum

atmospheric pCO2 levels may have been greater than

2500 ppmv. Our choice of atmospheric pCO2 values

falls within the estimated range of pCO2, but should

probably be considered to be a conservative estimate

of the total possible rise in pCO2 at the end-Triassic.
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The Triassic experiments were designed with the

Late Triassic paleogeographyand paleotopography of

Scoteses et al. (1994). Due to the lack of preserved

seafloor of Triassic age, ocean depths beyond the

continental shelf were set to 4800 m. The model solar

luminosity was reduced to 98% of the present-day level

(1367 Wm�2) to account for increasing fusion rate in

the solar core with time (Endel and Sofia, 1981). Other

atmospheric gas trace gas concentrations, including

CH4, N2O, and ozone, were set to pre-industrial levels.

In the initial suite of simulations, model eccentricity,

obliquity, precession, and rotation rate were set to

present-day values. Because EBM calculations have

shown that Pangean surface temperatures could vary as

much 16 8C with reasonable changes in orbital

parameters (Crowley and Baum, 1992), two additional

experiments were run to assess how orbital parameters

might have contributed to Late Triassic climatic

stresses. Two different orbital configurations for the

8� simulation were tested to determine the range of

climate conditions possible under scenarios of max-

imum summer insolation in the Southern and Northern

Hemispheres (shsm and nhsm, respectively). In both

cases, an eccentricity of 0.06 and an obliquity of 24.58
were used, and the summer solstice of the respective

hemisphere occurs at perihelion.

Uniform land surface characteristics were specified

in all experiments. Each land grid cell was given the

surface characteristic of a deciduous forest—the mean

vegetation type in the Matthews (1983) classification

scheme. A number of factors drove the decision to use

simplified land surface characteristics. The most

important factor was the absence of paleo-vegetation

reconstructions that bracket the end-Triassic event.

Because land surface characteristics–and particularly

regional differences in surface characteristics–can

influence atmospheric dynamics (such as the subsi-

ding branch of the Hadley circulation), we chose not

to include these details. Our concern is that without

detailed knowledge of the evolution of paleo-vegeta-

tion through the end-Triassic, we would be introduc-

ing a factor that will significantly alter the climate’s
Fig. 1. Globally averaged mean annual (A) surface temperatures in 8C; (
in seasonal sea ice and snow in 106 km2; (D) total area in excess 35,

excess 35, 40, and 45 8C 106 km2 during boreal summer; and (F) total

8C in 106 km2 for all experiments. Model results indicate that incre

conditions on land.
response to a rise in pCO2. While this decision to use

uniform vegetation characteristics might not lead to

the optimal simulation of the Late Triassic climate, it

is essential for producing robust sensitivity experi-

ments. In the future, we hope to incorporate a

dynamic biome model that will explicitly treat

climate–vegetation interactions.

The Triassic 2–8� experiments were integrated for

600 years without flux corrections or deep ocean

acceleration. The ocean model was run using a fixed

diffusion coefficient. During the last 100 years of

model integration, there is no apparent drift in the

upper ocean (between the surface and 300 m depth),

and b0.0007 8C/year change in globally averaged

ocean temperature.

The Late Triassic experiments represent equili-

brium climate states at particular levels of atmospheric

pCO2 and should thus be viewed as end-member

climate states (before and after the in pCO2). Without

the ability to run FOAM for hundreds of thousands of

years, it is impossible to fully mimic the transient CO2

rise of the end-Triassic. The results shown here are

derived from monthly averages of the last 25 years of

the model integration. Because monthly averaging

filters out climate extremes that may represent

significant stresses on organisms, daily average values

of the physical fields were also computed for the last 3

years of model integration.
3. Results

3.1. CO2 sensitivity on land

Globally warm temperatures, extreme seasonality,

and high aridity characterize Pangean climate in the

Late Triassic simulations. Temperatures are predicted

to increase at greater amounts of atmospheric CO2,

with the largest magnitude occurring on land due to its

lower specific heat relative to the ocean (Fig. 1A).

Increasing pCO2 from 2� to 8� pre-industrial levels

raises the average surface–air temperature by 6.1 8C
B) greenhouse forcing and albedo in W/m2; (C) total area covered

40, and 45 8C 106 km2 during austral summer; (E) total area in

area with more than 30 consecutive days in excess 35, 40, and 45

asing atmospheric CO2 substantially increases extreme climatic



land

global

ocean

A)

albedo

greenhouse forcing

B)

snow-JJA

sea ice
DJF

snow-DJF

JJA

C)

Dec-Jan-Feb

Jun-Jul-Aug

30+ days annually

D)

E)

F)

2X 4X 6X 8X 8X
shsm

8X
nhsm

2X 4X 6X 8X 8X
shsm

8X
nhsm

2X 4X 6X 8X 8X
shsm

2X 4X 6X 8X 8X
shsm

8X
nhsm

2X 4X 6X 8X 8X
shsm

8X
nhsm

2X 4X 6X 8X 8X
shsm

8X
nhsm

0

4

8

12

16

20

24

su
rf

ac
e 

te
m

pe
ra

tu
re

 (
o C

)

0

4

8

12

16

20

24

to
ta

l l
an

d 
ar

ea
 (

10
6 
km

2 )

0

4

8

12

16

20

24

to
ta

l l
an

d 
ar

ea
 (

10
6 
km

2 )

0

10

20

30

40

50

to
ta

l l
an

d 
ar

ea
 (

10
6 
km

2 )

0

40

60

80

100

120

to
ta

l a
re

a 
(1

06 
km

2 )

20

225

234

237

240

243

246

gr
ee

nh
ou

se
 fo

rc
in

g 
(W

/m
2 )

231

228

.303

.306

.309

.312

.315

.318

.321

sl
be

do

T.T. Huynh, C.J. Poulsen / Palaeogeography, Palaeoclimatology, Palaeoecology 217 (2005) 223–242 227



A)

B)

C)

D)

E)

F)

2X
4X
8X

2X
4X
8X

2X
4X
8X

2X
4X
8X

2X
4X
8X

2X
4X
8X

Fig. 2. Zonally averaged (A) surface temperatures in 8C; (B) greenhouse forcing in W/m2; (C) cloud forcing in W/m2; D) albedo; E) latent heat

flux W/m2; and F) sensible heat flux in W/m2 for 2� (solid line), 4� (long dashed line), and 8� (short dashed line) experiments.
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globally and 8.0 8C on land, compared to 5.4 8C over

the oceans. The increased temperatures in scenarios

with higher pCO2 are due primarily to an enhanced

greenhouse effect (Figs. 1B and 2B) resulting from

greater atmospheric water vapor, as evidenced by the

greater surface latent heat flux (Fig. 2E), and an

increase the amount of solar radiation reaching the

surface reduction due to a reduction in low and

medium cloud cover (Fig. 2C). The greenhouse

forcing is most effective in the tropics (Fig. 2B),

whereas at high latitudes–where the magnitude of

surface temperature rise is the greatest–higher temper-

atures result from a decrease in surface albedo due to a
Annual Average Surface Air Temperature (oC)

D

E

F

A)

B)

C)

Fig. 3. Annual average surface temperatures (left panel, A–C) and temper

Land area is shaded in gray. With an increase from 2� to 8� pCO2, mean

experiments, high and mid-latitudes experience tremendous seasonal temp
reduction in snow and sea ice extent (Figs. 1C and

2D) and an increase in the cloud forcing (Fig. 2C).

The warmer continental temperatures further reduce

the seasonal snow cover (Fig. 1C), which acts as a

positive feedback to global warming.

In all Triassic simulations, the warmest temper-

atures occur in the vast subtropical interior lowlands

of the Southern Hemisphere (Figs. 3A–C and 4). The

average summer temperature in this area for the 2�,

4�, and 8� experiment is ~32, 36, and 42 8C,
respectively. Maximum summer temperatures are

typically 4–8 8C higher than the seasonal average

(Fig. 4). In the Northern Hemisphere, subtropical
Annual Temperature Range (oC)

)

)

)

ature range in 8C (right panel, D–E) 2�, 4�, and 8� experiments.

annual temperatures increase by N5 8C over much of Pangea. In all

erature fluctuations.
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Fig. 4. Summer and winter average air surface temperature (color), overlain by maximum annual temperature annually (contour lines) for the 2�
and 8� simulations (years 598–600). Note that DJF and JJA figures are overlain with the same maximum temperature contours. The contour

interval of 4 8C. Land area is outlined in bold black. Model results indicate that seasonal and maximum temperatures increase significantly with

higher atmospheric pCO2. For example, in subtropical regions, maximum temperatures increase by 4–12 8C between the 2� and 8�
experiments causing them to rise well above 35 8C in some regions.
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surface temperatures are not as severe as in the south.

Boreal summer temperatures are ~28, 32, and 36 8C
on average with maximum temperatures approxi-

mately +4 8C of that value for the 2�, 4�, and 8�
simulations, respectively (Fig. 4A–C).

Extreme seasonal temperature fluctuations are also

characteristic of Pangea during the Late Triassic.

Along with the poleward expansion of warmer areas
during the summer season, cold areas are more

restricted during the winter when atmospheric CO2

increases (Figs. 3A–C and 4). Nevertheless, the

annual continental temperature range simulated for

the Late Triassic is still much greater than that

observed on the modern-day Eurasian landmass. The

annual temperature range in the southern high

latitudes is +55 8C, and +40 8C in the Northern
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Fig. 5. Total number of consecutive days per year where temperatures exceed 35 8C (left panel, A–D) and consecutive days without precipitation

(right panel, E–H) in 2� and 8� simulations (years 598–600). Also shown are the results from orbital variations in which insolation was set

maximum summer insolation values for the Northern (nhsm) and Southern (shsm) Hemispheres. Land area is shaded white. Late Triassic model

results demonstrate that changes in atmospheric pCO2 and orbital parameters can significantly enhance extreme climatic conditions on Pangea.
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Hemisphere at low pCO2 levels. Only in central

Siberia, Mongolia, and central Canada are such

extreme ranges approached today. In the tropics (0–

208 latitude) and mid-latitudes (30–508 latitude), the

simulated temperature ranges are as high as 10–20 8C
and 20–30 8C, respectively, somewhat larger than

modern ranges.

Continental warming at higher pCO2 levels is

accompanied by both an expansion in land area

affected by hot temperatures and aridity, as well as

an increase in the number of high temperature days

(Figs. 1D–F and 5A–B). For example, when CO2 is

raised from 2� to 8�, the total land surface area in
Table 1

(A) Mean annual surface–air temperatures and areal extent of seasonal sea

hot temperatures. (C) Mean annual ocean temperatures, total upwelling vo

(A) Results averaged from years 576–600

Experiment Surface–air temperature (8C) Tota

Global Land Ocean DJF

2�CO2 14.8 6.4 18.2 10.6

4�CO2 18.2 10.7 21.2 3.5

6�CO2 19.5 12.5 22.4 1.8

8�CO2 20.9 14.4 23.6 0.9

shsm 8�CO2 21.2 14.8 23.9 0.6

nhsm 8�CO2 21.4 15.1 24.0 0.9

(B) Total land surface area affected (106 km2)

Experiment Dec.–Jan.–Feb. Jun.–Jul.–A

N35 8C N40 8C N45 8C N35 8C

2�CO2 0.50 – – –

4�CO2 4.38 0.25 – 0.12

6�CO2 7.75 1.48 – 0.95

8�CO2 10.50 2.91 0.13 2.12

shsm 8�CO2 19.28 5.10 0.83 0.95

nhsm 8�CO2 7.19 0.37 0.00 21.42

(C) Ocean results averaged from years 576–600

Experiment Ocean temperature (8C)

Global 10 m 50 m

2�CO2 1.8 14.6 10.9

4�CO2 4.7 17.6 13.5

6�CO2 5.1 18.7 14.5

8�CO2 6.8 20.0 15.8

shsm 8�CO2 6.8 20.4 15.9

nhsm 8�CO2 7.1 20.4 15.9

Upwelling is defined where the mean upper ocean (b200 m) vertical veloc

constant, only the advective flux is estimated. Dissolved O2 content was

based on relationship established by Weiss (1970). All results were avera
excess of 35 8C during the austral summer increases

by 20-fold (Fig. 1D; Table 1B). While no continental

areas in the 2� simulation exceed 40 8C, the 8�
scenario has ~2.91 million km2 where temperatures

rise above 40 8C during the austral summer (Fig. 1D;

Table 1B). Another consequence of elevated atmos-

pheric CO2 is an increase in the number of very hot

days (Table 1B; Fig. 5A–B). The total land area with

N35 8C temperatures for more than 30 consecutive

days increases by at least 20-fold between 2� and 8�
experiments (Table 1B; Fig. 5A–B). In the 2�
simulation, the hottest areas experience up to 40

consecutive days of temperatures N35 8C (Fig. 5A).
ice and snow cover. (B) Total land surface area (106 km2) affected by

lume (Sv), and calculated dissolved oxygen concentration (Amol/L)

l surface area (106 km2)

sea ice JJA sea ice DJF snow JJA snow

7 8.05 101.80 123.42

0 1.50 69.03 81.84

7 1.29 60.71 71.64

5 0.64 54.91 62.35

4 0.52 50.41 67.13

2 0.82 55.21 58.56

ug. 30+ days annually

N40 8C N45 8C N35 8C N40 8C N45 8C

– – 1.12 – –

– – 6.23 0.38 –

– – 14.01 1.68 –

– – 24.36 2.17 –

– – 31.42 9.09 2.22

2.46 0.12 47.66 5.21 0.35

Upwelling (Sv) [O2] (Amol/L)

100 m DJF JJA Surface ocean

10.1 25.66 46.72 320

12.7 22.64 43.03 301

13.6 22.61 41.12 294

14.6 21.26 39.38 287

14.9 20.25 38.09 284

14.9 21.15 41.24 284

ity is negative (upward). Because the vertical diffusion coefficient is

calculated from predicted surface ocean temperatures and salinity,

ged for the last 25 model integration years (years 576–600).



A)   2 x CO2

B)   4 x CO2

C)   8 x CO2

Fig. 6. Meridional oceanic overturning, measured in Sverdrups [106 m3/s] for 2�, 4�, and 8� experiments. Positive values (solid lines) indicate

counterclockwise flow, and negative values (dashed lines) indicate flow in the clockwise direction. Contour lines are labeled unevenly for better

visualization. Meridional overturning is substantially reduced with increased atmospheric CO2 levels. At high latitudes, the overturning

circulation nearly disappears in the 8� experiment.
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A)

2X
4X
8X

Fig. 7. (A) Meridional surface ocean current [m/s], average over the

top 100 m. Positive (negative) numbers indicate northward (south-

ward) flow direction.
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Increasing pCO2 to 2400 ppmv results in the lowland

areas of southern Pangea experiencing ~110 consec-

utive days with temperatures N35 8C (Fig. 5B), during

which ~60 days have temperatures N40 8C. Accom-

panying the extremely hot days are more than 135 and

200 consecutive days without any precipitation in the

Southern and Northern Hemispheres, respectively, for

2–8� simulations (Fig. 5E–F). In the subtropics, these

simulated climate conditions are comparable to what

is observed in the modern Sahara desert during

extremely dry, hot years.

3.2. CO2 sensitivity in the oceans

In the elevated CO2 experiments, enhanced surface

radiation receipt also produces significantly warmer

ocean temperatures, but the increases are not as great

as on land due to the higher heat capacity of the ocean

(Fig. 1A). In fact, the seasonal seawater temperature

fluctuations in ocean temperatures in all Triassic

simulations are within the modern observed range

(b10 8C). Globally averaged mean annual ocean

temperatures rise by 5 8C with a 5-fold pCO2 increase

from 600 to 2400 ppmv (Table 1C). The greatest

warming occurs in the surface ocean: temperatures

increase by 5.4 8C at 10 m depth, 4.9 8C at 50m, and

4.5 8C at 100 m (Table 1C).

The increase in atmospheric pCO2 leads to a

substantial reduction in surface and deep ocean

circulation. In response to higher pCO2, the hydro-

logical cycle intensifies, leading to increased precip-

itation (by approximately 20–25% at 608; Fig. 2F)

and runoff rates at high latitudes. Higher freshwater

forcing combined with the warmer ocean temper-

atures reduces the low- to high-latitude density

gradients and acts to inhibit meridional overturning

and convective mixing. Meridional oceanic over-

turning diminishes at least 4-fold (from 60+ to 10–20

Sverdrups) in the southern extratropical ocean

between the 2� and 8� experiments (Fig. 6). At

high latitudes, the overturning circulation nearly

disappears in the high latitudes of the 8� experiment

(Fig. 6C). In addition, convective mixing at high

latitudes is reduced by N50% between the 2� and 8�
experiments; both the frequency and area of con-

vective mixing is diminished in the 8� experiment

(not shown). Wind-driven surface ocean circulation

also decreases at elevated pCO2 levels, as indicated
by a reduction in zonally averaged meridional

velocity in the upper ocean (Fig. 7B). Consequently,

the volume of water upwelled to the surface ocean is

also diminished. The Triassic experiments predict

that a 4-fold increase in pCO2 reduces the total

volume of water upwelled by 16–17% (Table 1C). In

sum, in the Triassic simulations, the ocean’s

responses to increasing atmospheric CO2 levels

include global ocean warming, enhanced upper-ocean

stratification, and reduction of both surface and deep

ocean circulation.

3.3. Effect of orbital configuration

The Late Triassic Pangean continental surface

temperatures are highly sensitive to orbital forcing,

as first noted by Crowley and Baum (1992). The

simulations demonstrate that changes in orbital con-

figurations, by altering the patterns of solar insolation

received, can further intensify the simulated climatic

extremes on land. Global mean annual average surface

temperatures are 0.3–0.7 8C greater in the nhsm and

shsm simulations than in the 8� experiment with

modern orbital settings (Fig. 1A; Table 1A). Summer

temperatures are especially sensitive to orbital forcing.

In the Southern Hemisphere, nhsm configuration
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reduces average and maximum temperatures 4–8 8C,
while shsm configuration raises temperatures ~4 8C.
In the Northern Hemisphere, subtropical surface

temperatures are not as severe as in the Southern

Hemisphere, but still reach extremely high values with

an nhsm orbital configuration. In addition, orbital

variations influence the total land area affected by, as

well as the duration of, such extreme conditions on

land. In comparison to the 8� experiment, total land

surface area in excess of 35 8C during austral summer

increases by ~50% in the shsm experiment, but

decreases ~30% in the nhsm case (Table 1B; Figs.

1D and 5B–D). The 8� experiment predicts an area of

~2.91 million km2 with temperatures greater than 40

8C during the austral summer; the shsm orbital

configuration leads to a 2-fold increase (Table 1B;

Fig. 1D). In the Northern Hemisphere, summer

temperatures on land never surpass 40 8C under

modern orbital settings, but ~2.46 million km2 are

predicted to experience temperatures N40 8C with an

nhsm configuration (Table 1B; Fig. 1E). Under

maximum summer insolation, the total land area with

N35 8C temperatures for more than 30 consecutive

days increases by 50–100% (Table 1B; Figs. 1F and

5B–D). Orbital forcing, however, does not appear to

significantly impact ocean temperatures, although

insolation variations influence the volume of season-

ally upwelled seawater (Table 1C).

3.4. Potential terrestrial biotic stresses

In modern organisms, rising temperatures cause a

number of physiological changes, including increased

oxygen demand due to an increase in their metabolic

rate (cf. Pörtner, 2001); an exponential rise in the cell

membrane permeability, requiring massive inputs of

energy to compensate for the dissipative ion move-

ments (Moseley et al., 1994); higher production of

oxygen radicals linked to oxidative stress (Rifkind et

al., 1993); and eventual collapse of ventilatory and

circulatory functions due to progressive hypoxia in the

body fluids in cases of prolonged heat stress (Pörtner,

2002). These physiological changes lead to the

disruption of growth and reproduction in individual

organisms, and will adversely affect the population

dynamics in a matter of weeks to months (Pörtner,

2002). The climate thresholds that trigger physiological

changes in modern organism are species-specific
(Walther et al., 2002); whether these thresholds differed

in Triassic organisms is unknown. Biogeographic

studies have shown that climate exerts a dominant

control over the distribution of species in the modern

day, as well as in the past (e.g., Walther et al., 2002;

Woodward, 1987; Huntley, 1999; Davis and Shaw,

2001). Thus, any significant changes in environmental

parameters are expected to impact biodiversity patterns

in the past. The Triassic simulations predict that rising

atmospheric CO2 will lead to ubiquitous warming, with

the greatest warming occurring on land. In fact, the

results suggest that increasing atmospheric CO2 will

lead to (1) extreme continental heating, (2) intense

seasonal fluctuations of surface temperatures, (3) an

increase in the number of hot days and days without

precipitation, and (4) an exponential rise in the land

surface area affected by heat and aridity (Section 3.1).

These climatic responses to elevated atmospheric CO2

represent potential stresses on terrestrial organisms,

and ecosystems.

3.5. Potential marine biotic stresses

In response to a rise in atmospheric CO2, the

marine biota, on the other hand, must contend with a

different set of environmental stresses arising from

diminished surface and deep ocean circulation. The

resulting ocean stratification will adversely affect

marine life by lowering the oxygen availability in the

water column. To quantify the potential decrease in

oxygen availability, we have constructed a simple

open-system, three-box model of the ocean, follow-

ing the example of Hotinski et al. (1999). The box

model predicts the oxygen concentration in three

ocean reservoirs (shallow low-latitude, shallow high-

latitude, and deep ocean reservoirs) as a function of

biological productivity, which is linked directly to

nutrient concentration (phosphate) through the Red-

fied ratio. A schematic of the box model, the

governing equations, and model parameters are

shown in Fig. 8 and Table 2. Note that all of our

box-model sensitivity experiments were run from a

modern baseline (i.e., modern thermohaline and

convective mixing fluxes, surface oxygen concen-

tration, and riverine input). Although our Late

Triassic GCM experiments predict thermohaline and

convective mixing fluxes, these absolute fluxes are

certainly model dependant. In any case, altering the



Table 2

Equations and parameters used in open-system three-box mode

developed by Hotinski et al. (1999) model

(dM[PO4]low
/dt)=[PO4]deepTHC+Riv�P low=0

(dM[PO4]high
/dt)=Fhd[PO4]deep�( Fhd+THC)[PO4]high�Phigh

(dM[PO4]deep
/dt)=( Fhd+THC)[PO4]high�Fhd[PO4]deep+f( Phigh+Plow)

(dM [O2]de ep
/dt )=( F hd +THC)[O2]high�( F hd+THC)[O2]deep�

fR( Phigh+Plow)

Parameters

THC=5.99�1020 L/ky [PO4]deep, initial=2.15 Amol/L

Fhd=1.51�1021 L/ky [PO4]high, initial=1.24 Amol/L

Phigh=6.5�1020 Amol/L [O2]high=325 Amol/L

Riv=3.32�1019 Amol/ky Vdeep=1.37�1021 L

R=169 Vhigh=1.28�1019 L

F=0.983

Parameters are appropriate for the modern ocean.

Vlow , [PO4]low , [O2]low

Vdeep , [PO4]deep , [O2]deep

Vhigh , [PO4]high , [O2]highTHC

THC

THC

Fhd

Plow Phigh

f * Phighf * Plow

(1-f)Phigh(1-f)Plow

Fig. 8. Schematic of open-system three-box model developed by Hotinski et al. (1999). An open-system box model includes the influences of

the riverine input (Riv) organic matter burial. The ocean is divided into three reservoirs: low latitude surface ocean, high latitude surface ocean,

and deep ocean. Each reservoir has a corresponding phosphate [PO4] and dissolved oxygen [O2] concentration, and a characteristic volume V.

The flux of phosphate is transported between reservoirs by the thermohaline circulation (THC), deep convective mixing ( Fhd), and particulate

organic matter export ( P). Most of the particulate organic matter exported to the deep ocean is regenerated according to the regeneration factor

( f), while a small fraction of the export production is buried (1�f)P. It is assumed that the low latitude surface ocean phosphate concentration is

0 Amol/L because biological productivity utilizes all nutrients at the surface. High latitude oxygen concentration is also constant through time

because it is assumed that the surface ocean is well mixed and equilibrates with the atmosphere. Thus high latitude surface ocean concentration

was determined by the surface temperature and salinity (Weiss, 1970). The governing equations used in the box model and the constants are

listed in Table 2.
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circulation fluxes in the box model changes the

response time, but not the equilibrium deep ocean

oxygen concentration.

We use the box model simply to show that the

oceanographic changes associated with a rise in Late

Triassic atmospheric CO2 plausibly caused biotic

stress through substantial lowering of oxygen availabi-

lity. Because the box model does not have the capa-

bility to predict local changes in oxygen availability,

we do not assign great significance to the absolute

values estimated by the model. The box model’s

sensitivity to surface oxygen concentration, phosphate

delivery from river inflow, thermohaline circulation,

and convective mixing at high latitudes are summar-

ized in Fig. 9. Deep ocean oxygen concentration

declines with a decrease in surface oxygen con-

centration, thermohaline circulation, or convective

mixing, and an increase in riverine input (Fig. 9). Inte-

restingly, the response time to an increase in riverine

input or a decrease in thermohaline circulation is on the
order of several hundred thousand years—similar to

the time lag between biotic turnover on land and in the

ocean.
l
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Fig. 9. Box model results under modern-day conditions showing the sensitivity of the deep ocean to changes in (A) high latitude surface oxygen

concentration, (B) riverine input of phosphorus, (C) thermohaline circulation, and (D) convective mixing. Changes in oxygen concentrations

plotted are mean deep ocean values, in 10�6 mol/L. Our Late Triassic model results indicate an increase in riverine input and seawater

temperature and decreases in the overturning circulation and convective mixing. These changes are predicted to result in decreases in oxygen

availability in the ocean.
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In the Late Triassic experiments, the marine response

to a rise in atmospheric CO2 from 600 to 2400 ppmv

include N5 8C surface warming, a 75% reduction in

overturning vigor, a N50% reduction in convective

mixing, and a 10% increase in riverine input. As

ocean temperatures rise, oxygen becomes less soluble

in seawater (Weiss, 1970). A 5 8C surface warming

will reduce the surface oxygen content from 320 to

287 Amol/L (Table 1C), resulting in a 33 Amol/L

depletion of oxygen in the deep ocean (Fig. 9A). The

box model indicates that a 75% reduction in thermo-

haline circulation will lead to a 40 Amol/L decline in

deep ocean oxygen concentration (Fig. 9C). A 50%

decrease in high-latitude convective mixing dimin-

ishes deep ocean oxygen concentration by 86 Amol/L
(Fig. 9D). Finally, a 10% increase in riverine input

(assuming similar river phosphate concentrations)

amounts to an additional 15 Amol/L decline of deep

ocean oxygen (Fig. 9B). The compounded effects of

reduced surface dissolved oxygen concentration, a

more sluggish deep circulation, diminished convective

mixing, and an increase in river runoff could

potentially reduce deep oxygen concentrations by

more than 170 Amol/L.

Initializing the three-box model with a surface

ocean oxygen concentration of 287 Amol/L, 110% of

modern riverine input, and a 4-fold decrease in

thermohaline flux, led to deep ocean equilibrium

oxygen content of 75 Amol/L. An additional reduction

of convective mixing by 25% lowered oxygen
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concentrations in the deep ocean to b5 Amol/L, well

within the dysoxic to anoxic range (b45 Amol/L)

(Arthur and Sageman (1994). Regardless of whether

conditions were anoxic, we contend that a sharp

decrease in oxygen availability as predicted by the

box model would have represented a severe stress on

most marine biota.
4. Discussion

4.1. Linking environmental stress and ecological

change

Ecological changes arise from variations in com-

munity composition, which are determined by phys-

iological and environmental parameters and the

interactions between community members. Environ-

mental conditions affect an organism’s physiology

(Pörtner, 2002) and determine the nutrient/food

supply abundance, as well as habitat space availability

(Allmon, 2001). This concept, that species distribu-

tions can be defined by climate parameters, is known

as the bbioclimate envelopeQ (cf. Pearson and Daw-

son, 2003) and has been used to successfully predict

species distribution in response to climate change

(Pearson et al., 2002). If environmental disturbances

are slow and/or small, it can be expected that

populations may adapt to the new conditions (Allmon,

2001). However, in areas where environmental

stresses are intolerable, populations will either

migrate, tracking the geographic position of their

bioclimate envelope and invading new territory and

causing biogeographic ranges to shift, or go extinct

because populations cannot survive or persist. For

example, warming of ~0.6 8C over the last century has

caused significant poleward and upward shifts in

species ranges in a wide range of organisms over very

diverse geographical locations (Walther et al., 2002).

In any case (adaptation, migration, or extinction), the

community composition in a given area is restruc-

tured. In the fossil record, these ecological responses

will be recorded as biotic turnover, defined as

coincident evolutionary appearance and disappearance

of species.

Our results indicate that the global mean temper-

ature rises by more than 6 8C with a 4-fold increase

in atmospheric CO2. The magnitude of warming
across the T–J boundary simulated here is greater

than previous estimates (3–4 8C), which used

thermodynamic relationships between pCO2 and

temperature (e.g., McElwain et al., 1999; Beerling

and Berner, 2002). Global average temperature

changes an order of magnitude smaller have been

shown to have tremendous ecological impact, as

noted above. The ecological impact of recent climate

change on organisms, populations, and ecological

communities has arisen mainly from large regional

climate changes and the intensification of climate

extremes (Walther et al., 2002; Easterling et al.,

2000). The Triassic experiments predict large

regional temperature increases (N10 8C increase in

mean annual temperature) and substantial intensifi-

cation of maximum climate extremes (N10 8C in

maximum daily temperature) with a rise in CO2 from

2� to 8� pre-industrial levels. Orbital fluctuations

would also have influenced climate extremes, at

times intensifying them, and potentially promoting

further ecological changes. Given the duration of the

T–J mass extinction event, the climatic effect of

orbital variations must be considered as a possible

amplifier of the environmental stresses initially

exerted on ecosystems from rising CO2.

In subtropical regions of Pangea, the climate

extremes predicted in the Triassic 8� experiment

approach the physiological threshold of modern

organisms. For example, metazoans can only tempo-

rarily tolerate temperatures greater than 47 8C (cf.

Schmidt-Nielsen, 1997), while metazoan populations

are unable to withstand temperatures near 42 8C
(Pörtner, 2001). The climate thresholds that trigger

physiological changes in modern organism are often

species-specific (Walther et al., 2002). However, in

the case of nonsucculent plants, the threshold temper-

ature for thermal damage to leaves is a highly

conservative characteristic among many extant spe-

cies, occurring at ~45 8C (cf. Schulze and Caldwell,

1994). Measurements of leaf width, stomatal density

and size, and d13C of fossil leaves can be used to

calculate leaf temperatures based on energy consid-

erations (cf. McElwain et al., 1999). Employing this

methodology, McElwain et al. (1999) estimated that

noon leaf temperatures of Late Triassic large leaved

plants, such as Gingko, were at least 10 8C greater

than the air temperature. Our sensitivity results

suggest that a rise of pCO2, from 2� to 8�, will



T.T. Huynh, C.J. Poulsen / Palaeogeography, Palaeoclimatology, Palaeoecology 217 (2005) 223–242 239
cause at least a 20-fold expansion in the area where

temperatures are fatal to large leaved plants (Table 2;

Fig. 2). These results are consistent with the observed

extinction of large leaved species at the T–J boundary,

and subsequent replacement by species with more

dissected leaves, which are more capable of minimiz-

ing high temperature injury through increased heat

dissipation (McElwain et al., 1999).

In the marine realm, the model predicts a

reduction in the overturning circulation and higher

ocean temperatures with a rise in atmospheric CO2.

These stresses in themselves may not have caused

marine extinctions. However, according to our

simple box model calculations, both of these factors

would have led to a substantial decrease in seawater

oxygen concentrations. The spread of low-oxygen

waters may help explain the collapse in the marine

productivity across the T–J boundary (Pálfy et al.,

2001; Ward et al., 2001). In addition, rapid (b105

years) dissolution of CO2 in the ocean would have

lowered the pH, making the ocean more acidic and

less hospitable to marine organisms that secret

calcium carbonate shells and skeletons (Kleypas et

al., 1999; Caldeira and Wickett, 2003). In fact, the

fossil record indicates that the end-Triassic was

marked by an almost complete extermination of

coral species and a collapse of the reef ecosystem

(Hallam and Goodfellow, 1990).

While the Triassic simulations have demonstrated

that increasing atmospheric CO2 can produce con-

ditions beyond the absolute tolerance of some

organisms, it is the change in the environmental

parameters—by affecting the size of the bioclimate

envelope that will have an effect on most organisms

and drive biotic changes. The reshaping of the

bioclimate envelope will determine inter-species

interactions such as competition, predation, and

symbiosis (Pearson and Dawson, 2003) and ultimately

affect species distribution. The lack of good under-

standing of the physiological constraints and

responses of Triassic organisms to environmental

variables inhibits predictions of precisely how species

distributions changed in the past. Nonetheless, the

results of these climate simulations predict that Late

Triassic organisms may have had to contend with

substantial environmental disturbances in the terres-

trial and marine realms as a result of rising atmos-

pheric CO2.
4.2. Unresolved issues

Most coupled climate models used to simulate

future increases of greenhouse gases predict a weak-

ening of the North Atlantic thermohaline circulation

due to enhanced regional freshwater forcing (e.g.,

Manabe and Stouffer, 1993; Kattenberg et al., 1996).

Our model results for the Late Triassic demonstrate a

similar response to increased atmospheric CO2, a

reduction in global thermohaline circulation. How-

ever, modeling studies have also demonstrated

enhanced thermohaline circulation with increased

CO2 forcing for past climates (Otto-Bliesner et al.,

2002; Winguth et al., 2002; Vavrus and Kutzbach,

2002). For example, Otto-Bliesner et al. (2002)

showed that increasing CO2 in simulations of the

Cretaceous led to destabilization of the upper ocean

through enhanced poleward transport of saline waters.

The point is that uncertainty still exists regarding the

response of meridional overturning to CO2 forcing.

Under conditions of reduced overturning and

convective mixing and higher riverine input as

predicted by FOAM with a 4-fold increase in pCO2,

our box model results indicate that the deep ocean may

have experienced a severe depletion in oxygen, a result

consistent with other modeling studies that have

demonstrated oxygen depletion in the water column

as a consequence of global warming (Matear and Hirst,

2003) and a reduced equator to pole temperature

gradient (Hotinski et al., 2001). However, if the Late

Triassic thermohaline circulation was not affected or

was enhanced by increasing CO2, then our box model

would predict an increase in oxygen concentrations

(Fig. 9C).

The results of this study have provided a snapshot

of possible equilibrium climates before and after the

end-Triassic event. This modeling approach gives an

estimate of the magnitude of climate change associ-

ated with the CO2 forcing, but reveals nothing about

the rate of change. Unfortunately, reliable estimates

for the rate of CO2 increase and environmental change

are inhibited by the lack of a precise timescale for

many T–J boundary sections (Jenkyns, 2003). More-

over, long (hundreds of thousand of years), transient

climate simulations representing the T–J event are not

feasible due to the computational expense.

Finally, we view the estimated magnitude of

changes predicted in this study as conservative



T.T. Huynh, C.J. Poulsen / Palaeogeography, Palaeoclimatology, Palaeoecology 217 (2005) 223–242240
since the maximum pCO2 (2400 ppmv) examined

in this study is less than that proposed from paleo-

evidence and modeling studies (N2500 ppmv). In

addition, the lack of an interactive biome model in

FOAM prohibits the land surface from responding

to rising CO2 and associated climate changes. As a

result, the total climate change on land is probably

underestimated.
5. Summary and conclusions

Coupled ocean–atmosphere GCM experiments

indicate that the Late Triassic climate system is highly

sensitive to changes in atmospheric CO2 concentra-

tions. An end-Triassic rise in atmospheric CO2,

postulated to result from volcanic degassing, is

predicted to have instigated severe environmental

stresses on terrestrial and marine ecosystems. On land,

intense continental heat stress, accompanied by very

warm continental temperatures, extreme seasonal

fluctuations, an intensification of the number of hot

and dry days, and an exponential increase in the area

affected by heat stress, is predicted. Orbital fluctua-

tions further intensify the environmental stresses

exerted on terrestrial ecosystems. In the ocean,

increased stratification likely led to a reduction in

oxygen availability in the water column.

In closing, model results support the contention

that rising CO2 in the Late Triassic would have caused

severe environmental stress that potentially instigated

lagged biological turnover on land and ocean.

Although the response of Triassic ecosystems to

CO2-driven stresses is unknown, ecosystem models

using future climate-warming scenarios (with a much

smaller .CO2) predict extinction risks of 15–37% for

all species (Thomas et al., 2004). If the ecological

response in the Triassic were at all similar to the

modern, a severe ecological crisis would be an

expected outcome of CAMP volcanic degassing at

the end of the Triassic.
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